The Ganzi geothermal field, located in the eastern sector of the Himalayan geothermal belt, is full of high-temperature surface manifestations. However, the geothermal potential has not been assessed so far. The hydrochemical and gas isotopic characteristics have been investigated in this study to determine the geochemical processes involved in the formation of the geothermal water. On the basis of δ 18 O and δD values, the geothermal waters originate from snow and glacier melt water. The water chemistry type is dominated by HCO 3 -Na, which is mainly derived from water-CO 2 -silicate interactions, as also indicated by the 87 Sr/ 86 Sr ratios (0.714098-0.716888). Based on Cl-enthalpy mixing model, the chloride concentration of the deep geothermal fluid is 37 mg/L, which is lower than that of the existing magmatic heat source area. The estimated reservoir temperature ranges from 180-210 • C. Carbon isotope data demonstrate that the CO 2 mainly originates from marine limestone metamorphism, with a fraction of 74-86%. The helium isotope ratio is 0.17-0.39 Ra, indicating that the He mainly comes from atmospheric and crustal sources, and no more than 5% comes from a mantle source. According to this evidence, we propose that there is no magmatic heat source below the Ganzi geothermal field, making it a distinctive type of high-temperature geothermal system on the Tibetan Plateau. 2 of 28 geochemistry have shown that the Batang high-temperature geothermal system in western Sichuan does not have magmatic heat source [14, 15] . The heat of the geothermal system does not have to be supplied by magma and can be produced in areas of tectonic activity [6] . Such situations are very rare [16] .
Introduction
Geothermal energy has the potential to become a major green energy resource in the future and will contribute to reducing atmospheric carbon emissions [1, 2] . High-temperature geothermal systems have been used globally to generate electricity [3] [4] [5] . High-temperature geothermal systems are commonly related to volcanic activities alongside plate boundaries with the heat source from magma [6] . Examples include the Taupo Volcanic Zone in New Zealand [7, 8] and Krafla in Iceland [9] . As part of the Mediterranean-Himalayan geothermal belt, Tibet, Yunnan, and western Sichuan in China host the most high-temperature geothermal systems [10] [11] [12] [13] . The Yunnan Rehai volcanic geothermal system has a mantle-derived magmatic heat source. There are non-volcanic high-temperature geothermal systems with a magmatic heat source, e.g., Yangbajing geothermal field, Yangyi geothermal field, and Gulu geothermal field in the Nimu-Nagchu geothermal belt of central Tibet. They are believed to have a partially melted magma chamber as heat sources [12, 13] . However, there are also high-temperature geothermal systems that don't have a magmatic heat source, e.g., hydrochemical and gas isotopic 
Sampling and Analysis
In November 2017, 22 groups of water samples and 12 groups of gas samples were collected from the Ganzi geothermal field, of which 13 were from geothermal wells, five from hot springs, one from a shallow well, and three from the Yalong River. The sampling sites are shown in Figure 1c . Both borehole water and hot spring samples were taken directly from outlets. Temperature, pH, electrical conductivity (EC), and total dissolved solids (TDS) were measured in situ by a portable multi-parameter controller (HQ40D, Hach, Loveland, CO, USA). HCO3 − /CO3 2− was titrated by a portable digital titrator (16900 Digital Titrator, Hach, Loveland, CO, USA) in the field using phenolphthalein and methyl orange colourants as indicators. All the samples were filtered through a 0.22 μm membrane into a polyethylene flask and sealed with a Parafilm sealing membrane. SiO2 was sampled by diluting with purified water to prevent precipitation. For cation and trace element analysis, HNO3 − (6 mol/L) was added to the samples until the pH was less than 2.
Trace elements were determined by ICP-MS NesION300D and ICP-OES 5300DV (PerkinElmer, Connecticut, USA), and the analytical accuracy was better than 0.5%. The cations (K + , Na + , Ca 2+ and 
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Trace elements were determined by ICP-MS NesION300D and ICP-OES 5300DV (PerkinElmer, Connecticut, USA), and the analytical accuracy was better than 0.5%. The cations (K + , Na + , Ca 2+ and Mg 2+ ) and anions (F − , Cl − , NO 3 − and SO 4 2− ) were analysed by Ion Chromatography (Dionex ICS1100 , Thermo Fisher Scientific, Massachusetts, USA) (detection limit is 0.05 mg/L) in the Laboratory of Water Isotope and Water-Rock Interaction, at the Institute of Geology and Geophysics, Chinese Academy of Sciences (IGG-CAS). Stable isotopes of hydrogen and oxygen were measured by a Picarro L1102-I laser water isotope analyser, Inc., Santa Clara, CA, USA using the Vienna standard mean ocean water (VSMOW) as the standard. The detection precisions were ±0.1% and ±0.5% for δ 18 O and δD, respectively. Strontium isotopes were determined by a thermal surface ionization mass spectrometer (9444, Phoenix, IsotopX, Manchester, UK) at the Beijing Research Institute of Uranium Geology. δ 34 S SO4 and δ 18 O SO4 values were measured by Delta-S and Delta-V mass spectrometers, respectively, in the Laboratory for Stable Isotope Geochemistry, IGG-CAS. The detection accuracy was better than 0.2% . Gas sampling refers to the method introduced by Stefan (2000a) [27] . A 50 mL glass bottle was used as the sample container. For gas collection in hot springs, an inverted polyethylene funnel was connected with tubing. The polyethylene funnel was submerged into the hot spring, and the tubing was inserted deep into the glass bottle. For gas collection from geothermal wells, the tubing was directly attached to the spout. A copper pipe is connected in the middle of the tubing. The copper pipe was submerged in cold water to cool the hot water. The other end of the tubing was inserted deep into the glass bottle. During the entire gas collection process, the glass bottle was always submerged in geothermal water until it was almost fully displaced by gas, at which point the bottle was closed with a rubber plug. The sealed glass bottle was covered with an aluminium cap. To prevent atmospheric contamination, the glass bottle was placed upside down in a 500-mL plastic bottle filled with geothermal water. The volume components in the gas were measured by an MAT 271 gas isotope ratio mass spectrometer, with a relative standard deviation of ±5%. The carbon isotopic values of CO 2 were measured by a gas isotope ratio mass spectrometer (Thermo-Fisher Scientific Delta Plus XP, Massachusetts, USA), with an error limit of ±0.2% . Noble gas isotope measurements, including the ratios 3 He/ 4 He and 4 He/ 20 Ne, were analysed by a Noblesse noble gas isotope mass spectrometer with an accuracy ±3%. Gas components, carbon isotopes, and noble gas isotopes were all measured in the Key Laboratory of Petroleum Resources Research, IGG-CAS.
Results and Discussion

Origin and Recharge Source of Geothermal Water
Deuterium and oxygen stable isotopes are widely used as effective tracers to determine the origins of geothermal waters [28] [29] [30] [31] [32] . The δ 18 O and δD values of the geothermal water in this study range from −17.2% to −14.1% and from −133.5% to −106.1% , respectively (Table 1 ). In Figure 2 , the distribution of hydrogen and oxygen isotopes in rivers is consistent with the local meteoric water line (LMWL) [33] . Since the moisture source in the eastern part of the Tibet Plateau is mainly from the eastern side, the same as Chengdu [34] , the equation of the meteoric water line δD = 7.53δ 18 O + 1.42 in Chengdu, Sichuan province is regarded as the LMWL [33] . With respect to the LMWL, a positive shift is present in the oxygen isotope values of the geothermal water ( Figure 2 ). This oxygen isotope shift is interpreted to have resulted from the exchange of 18 O between water and rock at high temperatures (>150 • C) because rocks are commonly enriched in the heavy oxygen isotope [35] . In general, the distribution of hydrogen and oxygen isotopic values in geothermal waters is close to that of atmospheric precipitation. Therefore, the geothermal water is recharged by meteoric precipitation. Due to the altitude effect on hydrogen and oxygen isotopes, the isotopic values decrease as the recharge elevation increases [35] . Therefore, because of the altitude effect, isotopic values are often used to determine the recharge elevation of groundwater. Since the δ 18 O shift cannot be neglected in this region, it is necessary to correct the oxygen shift. The oxygen isotope values are corrected by returning them to the meteoric water line while keeping the δD values constant. Assuming that the δ 18 O corrected is the δ 18 O value corrected for oxygen isotope shift and δD is the measured value, δ 18 O corrected = (δD − 1.42)/7.53 [33] . Then δ 18 O corrected is used to calculate the recharge elevation. The most depleted δ 18 O value of the geothermal water after the δ 18 O correction is −17.9% . The multi-year weighted-mean δ 18 O value of −6.7% in Chengdu (approximately 500 m above sea level) based on Global Network of Isotopes in Precipitation (GNIP) data is chosen as the reference value [36] . Gao et al. (2011) [37] obtained an altitude gradient of δ 18 O values on the Tibetan Plateau of −3% /1000 m on the basis of data from five monitoring stations. Our research team obtained an altitude gradient of δ 18 O values of −3.4% /1000 m [14] . In this paper, the recharge elevation of geothermal water is estimated using both altitude gradients. The calculated recharge elevations are 4233 m and 3794 m, respectively. The Ganzi district is surrounded by mountains. The snow-capped mountain peak named Zhuodana to the south is 5200 m above sea level. Therefore, the geothermal waters are derived from snow and glacier melt water on the nearby mountains.
Ganzi district is surrounded by mountains. The snow-capped mountain peak named Zhuodana to the south is 5200 m above sea level. Therefore, the geothermal waters are derived from snow and glacier melt water on the nearby mountains. 
Genesis of Geothermal Water
Hydrogeochemical Characteristics
The results of the field tests (pH, temperature, EC, TDS) and laboratory analyses (major ion concentrations) are shown in Table 1 . According to the properties and chemical composition of the samples, water samples are separated into geothermal water, shallow groundwater and river water. Geothermal water includes hot springs and geothermal water from boreholes. The infrared temperature of the geothermal water is 40-89 • C. The depth of the geothermal boreholes ranges from 30 to 180 m. The geothermal waters are alkaline, with a pH of 7.4-9.4. The TDS values range from 326 to 1798 mg/L, with an average of 787 mg/L. The Piper diagram shows that the hydrochemical types of the geothermal water are HCO 3 -Na and HCO 3 ·SO 4 -Na ( Figure 3 ). The shallow groundwater was collected from a well with a depth of 20 m. The hydrochemical type is HCO 3 -Na·Mg, and the water has a pH of 8.1 and a TDS value of 285 mg/L. The river water is alkaline, with a pH of 7.3-8.4. The TDS values are low, ranging from 119 to 281 mg/L. The water types of river water are HCO 3 -Ca·Mg, HCO 3 ·SO 4 -Ca·Na·Mg, and HCO 3 ·SO 4 -Ca·Mg. A geological investigation indicates that the river water is mainly recharged from surrounding mountain snowmelt and precipitation. Based on the Cl − -SO 4 2− -HCO 3 − diagram [38] , all samples are classified in Figure 4 . All the geothermal waters fall in the peripheral water field, and the water samples have a high content of HCO 3 − . 
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Water-Rock Interaction and Mixing Process
A molar ratio of Na + /Cl − equal to 1 is usually attributed to halite dissolution. The correlation diagram shown in Figure 5a shows that the Na + /Cl − molar ratio is much higher than 1. Therefore, an additional source of Na + exists and may be related to the dissolution of silicate minerals in metamorphic sandstone and slate at depth [39] . In addition, if Ca 2+ , Mg 2+ , HCO3 − and SO4 2− only come from calcite, dolomite, and gypsum weathering, the milligram equivalent ratio of Ca 2+ + Mg 2+ and HCO3 − + SO4 2− should be 1. However, the HCO3 − + SO4 2− value is greater than the Ca 2+ + Mg 2+ value, and the excess HCO3 − + SO4 2− must be balanced by Na + (Figure 5b ). The molar ratio of (Na + + K + )/HCO3 − is approximately 1:1 (Figure 5c ). These results indicate that the hydrochemical composition is likely mainly controlled by the dissolution of silicate minerals. Subsequently, the weathering of silicate minerals is estimated based on geothermal water with mineral phase equilibrium analysis [40, 41] . 
A molar ratio of Na + /Cl − equal to 1 is usually attributed to halite dissolution. The correlation diagram shown in Figure 5a shows that the Na + /Cl − molar ratio is much higher than 1. Therefore, an additional source of Na + exists and may be related to the dissolution of silicate minerals in metamorphic sandstone and slate at depth [39] value, and the excess HCO 3 − + SO 4 2− must be balanced by Na + (Figure 5b ). The molar ratio of (Na + + K + )/HCO 3 − is approximately 1:1 (Figure 5c ). These results indicate that the hydrochemical composition is likely mainly controlled by the dissolution of silicate minerals. Subsequently, the weathering of silicate minerals is estimated based on geothermal water with mineral phase equilibrium analysis [40, 41] . The chemical activity plots of the Na2O-Al2O3-SiO2-H2O system and the K2O-Al2O3-SiO2-H2O system are shown in Figure 6 . The interaction between hot water and aluminosilicate minerals occurs throughout the rocks underground. The accumulation of chemical elements in solution by the dissolution of endophytic minerals leads to the formation of secondary minerals. Thus, the system can achieve chemical equilibrium and dynamic equilibrium, and establish a balance between the number of elements entering and precipitate from the solution. The water samples all lie in the Figure 6 . The interaction between hot water and aluminosilicate minerals occurs throughout the rocks underground. The accumulation of chemical elements in solution by the dissolution of endophytic minerals leads to the formation of secondary minerals. Thus, the system can achieve chemical equilibrium and dynamic equilibrium, and establish a balance between the number of elements entering and precipitate from the solution. The water samples all lie in the stability field of albite and paragonite, indicating that Na + is mainly subject to the dissolution equilibrium of these two minerals ( Figure 7a ). K + is mainly controlled by the dissolution equilibrium of muscovite and microcline ( Figure 7b ). The thermal waters reveal an equilibrium with aluminosilicate minerals, which are predominant in the Triassic reservoirs in the research area. Moreover, Na-HCO 3 waters are common in geothermal systems associated with metamorphic rocks with high CO 2 contents [42, 43] . Therefore, the high concentrations of Na + and K + in the geothermal water is due to the dissolution of silicate minerals, including albite, paragonite, muscovite and microcline, by CO 2 .
Water 2019, 11, 1631 10 of 26 stability field of albite and paragonite, indicating that Na + is mainly subject to the dissolution equilibrium of these two minerals ( Figure 7a ). K + is mainly controlled by the dissolution equilibrium of muscovite and microcline ( Figure 7b ). The thermal waters reveal an equilibrium with aluminosilicate minerals, which are predominant in the Triassic reservoirs in the research area. Moreover, Na-HCO3 waters are common in geothermal systems associated with metamorphic rocks with high CO2 contents [42, 43] . Therefore, the high concentrations of Na + and K + in the geothermal water is due to the dissolution of silicate minerals, including albite, paragonite, muscovite and microcline, by CO2. Since Cl − is conservative, it is usually possible to study hydrochemical processes and groundwater circulation according to the relationship between major ions and Cl − [44, 45] . The relationships of Li + , B 3+ , TDS, and HCO3 − versus Cl − are shown in Figure 7 . The linear correlations show a binary mixing line between the shallow water and deep geothermal fluid ( Figure 7 ). As shown in the HCO3 − vs Na + + K + and Na + vs Cl − correlation plots (Figure 5a ,c), the geothermal water samples also plot along an assumed mixing line. The correlation coefficient R 2 of the mixing lines are all greater than 0.9, indicating that geothermal water from boreholes and hot springs belong to the same deep geothermal fluid. The deep fluid can mix with shallow water to different degrees while rising Since Cl − is conservative, it is usually possible to study hydrochemical processes and groundwater circulation according to the relationship between major ions and Cl − [44, 45] . The Sr isotope ratio is an extremely important tracer for effectively constraining mineral weathering in thermal water [30] . Minerals that interact with groundwater have a predictable range of 87 Sr/ 86 Sr ratios. The 87 Sr/ 86 Sr ratio is determined by the Rb/Sr ratio, the initial 87 Sr/ 86 Sr value of the rocks at the time they formed and the age of the minerals. The amount of radiogenic 87 Sr varies in rocks and is generated by the decay of 87 Rb [46] . However, compared with the half-life of 87 Rb (4.88 × 10 10 a), the residence time of groundwater is very short, thus, the radiogenic nature of 87 Sr can be neglected in the process of groundwater movement. Strontium isotopes exhibit negligible isotope mass fractionation during mineral dissolution and precipitation due to the large mass number. Therefore, strontium isotopes in the water have the advantage of maintaining the isotopic characteristics of the rocks from which they are derived, such as silicates and carbonates.
Generally, the Sr concentrations in carbonate rocks and evaporites are high, and the 87 Sr/ 86 Sr ratios are low. The Sr concentrations of silicate rocks are low, and the 87 Sr/ 86 Sr ratios are high [47, 48] . The 87 Sr/ 86 Sr ratio of 0.707-0.709 in marine carbonates can be used as an end-member based on previous studies [49] [50] [51] . The 87 Sr/ 86 Sr ratio of the silicate rocks in the Yangtze valley in China is usually >0.715 [52] . The homogeneous mantle has an 87 Sr/ 86 Sr ratio of 0.702-0.705 [46] . The 87 Sr/ 86 Sr values of waters in the Ganzi area are relatively uniform, ranging between 0.714098 and 0.716888, with an average value of 0.715383. The 87 Sr/ 86 Sr values fall above the strontium isotope ratio of marine carbonate and are almost covered by the characteristic values of silicates ( Figure 8a) . Thus, the The Sr isotope ratio is an extremely important tracer for effectively constraining mineral weathering in thermal water [30] . Minerals that interact with groundwater have a predictable range of 87 Sr/ 86 Sr ratios. The 87 Sr/ 86 Sr ratio is determined by the Rb/Sr ratio, the initial 87 Sr/ 86 Sr value of the rocks at the time they formed and the age of the minerals. The amount of radiogenic 87 Sr varies in rocks and is generated by the decay of 87 Rb [46] . However, compared with the half-life of 87 Rb (4.88 × 10 10 a), the residence time of groundwater is very short, thus, the radiogenic nature of 87 Sr can be neglected in the process of groundwater movement. Strontium isotopes exhibit negligible isotope mass fractionation during mineral dissolution and precipitation due to the large mass number. Therefore, strontium isotopes in the water have the advantage of maintaining the isotopic characteristics of the rocks from which they are derived, such as silicates and carbonates.
Generally, the Sr concentrations in carbonate rocks and evaporites are high, and the 87 Sr/ 86 Sr ratios are low. The Sr concentrations of silicate rocks are low, and the 87 Sr/ 86 Sr ratios are high [47, 48] . The 87 Sr/ 86 Sr ratio of 0.707-0.709 in marine carbonates can be used as an end-member based on previous studies [49] [50] [51] . The 87 Sr/ 86 Sr ratio of the silicate rocks in the Yangtze valley in China is usually >0.715 [52] . The homogeneous mantle has an 87 Sr/ 86 Sr ratio of 0.702-0.705 [46] . The 87 Sr/ 86 Sr values of waters in the Ganzi area are relatively uniform, ranging between 0.714098 and 0.716888, with an average value of 0.715383. The 87 Sr/ 86 Sr values fall above the strontium isotope ratio of marine carbonate and are almost covered by the characteristic values of silicates ( Figure 8a) . Thus, the strontium is mainly controlled by the weathering of silicate minerals. Additionally, the correlation diagram between strontium and calcium shows that the concentration of Sr 2+ hardly changes with that of Ca 2+ . Hence, Sr 2+ is not mainly derived from the dissolution of carbonate minerals (Figure 8b ). If the dissolution of carbonate minerals were the main process, the strontium concentration would increase with increases in the Ca 2+ concentration. The combination of these isotopic data and the local geological setting suggests that hot water flows through the Triassic sandstone and slate reservoir, which is predominantly composed of silicates.
Water 2019, 11, 1631 12 of 26 strontium is mainly controlled by the weathering of silicate minerals. Additionally, the correlation diagram between strontium and calcium shows that the concentration of Sr 2+ hardly changes with that of Ca 2+ . Hence, Sr 2+ is not mainly derived from the dissolution of carbonate minerals (Figure 8b ). If the dissolution of carbonate minerals were the main process, the strontium concentration would increase with increases in the Ca 2+ concentration. The combination of these isotopic data and the local geological setting suggests that hot water flows through the Triassic sandstone and slate reservoir, which is predominantly composed of silicates. In the geothermal water, sulphate is the second major dissolved anion, with an average concentration of 79.8 mg/L. The maximum concentration of SO4 2− reached 213.3 mg/L. Sulphate has a wide variety of sources, including natural and anthropogenic sources. The geological constituents, including dissolution of sulphate-rich evaporites, oxidation of sulphides and meteoric precipitation, are the major natural sources [53, 54] . Sulphur isotopes can be used to discriminate among the different sources and provide a description of the sulphur cycle. Therefore, the δ 34 SSO4 values, together with δ 18 OSO4, are used to help us understand the behaviour of sulphate in the geothermal water.
Human activity in the research area is rare, so anthropogenic sulphate can be excluded. Taking the cities of Chengdu and Lhasa as references, the sulphate concentration in precipitation in Chengdu is 10.6 mg/L on average and that in Lhasa ranges from 0 --9.4 mg/L, with an average of 1 mg/L [55] . In contrast, the average SO4 2− concentration of the geothermal water in Ganzi is approximately 79.8 mg/L. The significant difference between precipitation and geothermal water indicates that sulphate in precipitation does not play an essential role in the sulphur budget of the geothermal water.
The dissolution of gypsum or anhydrite does not produce significant and measurable isotopic effects [35, [56] [57] [58] . The δ 34 SSO4 values show a wide range, varying from −6.9‰ to 4.1‰, with an average of 0.02‰. However, the δ 34 SSO4 values of the Triassic gypsum in the north-eastern Sichuan basin range from 18.1-25.8‰ [59] . The δ 34 S values of Triassic anhydrite in the Sichuan basin range from 20.99-39.64‰ [60] . The δ 34 SSO4 values in our analytical results are markedly below those of the typical evaporite minerals. Therefore, the contribution of evaporite dissolution to the sulphate of thermal water can be neglected. In contrast, the δ 34 SSO4 value is low, which is similar to that of pyrite in rocks. The δ 34 SSO4 value of Triassic pyrite in rocks is 2.13‰ [59] . Toran and Harris (1989) [61] summarized the isotopic effect of the process of sulphide oxidation, and the results show that the δ 34 S values in SO4 2− decreases by 2-5.5‰ during the biological oxidation of sulphide. Therefore, the δ 34 SSO4 value produced by oxidation of pyrite is −3.37-0.13‰. The average δ 34 SSO4 value of the geothermal water lies in the range of δ 34 SSO4 values produced by the oxidation of sulphide. Furthermore, the secondary alteration mineral pyrite is present in many places along fracture surfaces below the depth of 120 m [25] . These findings jointly indicate that the SO4 2− in the geothermal water is mainly derived from the oxidation of pyrite. In the geothermal water, sulphate is the second major dissolved anion, with an average concentration of 79.8 mg/L. The maximum concentration of SO 4 2− reached 213.3 mg/L. Sulphate has a wide variety of sources, including natural and anthropogenic sources. The geological constituents, including dissolution of sulphate-rich evaporites, oxidation of sulphides and meteoric precipitation, are the major natural sources [53, 54] . Sulphur isotopes can be used to discriminate among the different sources and provide a description of the sulphur cycle. Therefore, the δ 34 S SO4 values, together with δ 18 O SO4 , are used to help us understand the behaviour of sulphate in the geothermal water. Human activity in the research area is rare, so anthropogenic sulphate can be excluded. Taking the cities of Chengdu and Lhasa as references, the sulphate concentration in precipitation in Chengdu is 10.6 mg/L on average and that in Lhasa ranges from 0 --9.4 mg/L, with an average of 1 mg/L [55] . In contrast, the average SO 4 2− concentration of the geothermal water in Ganzi is approximately 79.8 mg/L. The significant difference between precipitation and geothermal water indicates that sulphate in precipitation does not play an essential role in the sulphur budget of the geothermal water. The dissolution of gypsum or anhydrite does not produce significant and measurable isotopic effects [35, [56] [57] [58] . The δ 34 S SO4 values show a wide range, varying from −6.9% to 4.1% , with an average of 0.02% . However, the δ 34 S SO4 values of the Triassic gypsum in the north-eastern Sichuan basin range from 18.1-25.8% [59] . The δ 34 S values of Triassic anhydrite in the Sichuan basin range from 20.99-39.64% [60] . The δ 34 S SO4 values in our analytical results are markedly below those of the typical evaporite minerals. Therefore, the contribution of evaporite dissolution to the sulphate of thermal water can be neglected. In contrast, the δ 34 S SO4 value is low, which is similar to that of pyrite in rocks. The δ 34 S SO4 value of Triassic pyrite in rocks is 2.13% [59] . Toran and Harris (1989) [61] summarized the isotopic effect of the process of sulphide oxidation, and the results show that the δ 34 S values in SO 4 2− decreases by 2-5.5% during the biological oxidation of sulphide. Therefore, the δ 34 S SO4 value produced by oxidation of pyrite is −3.37-0.13% . The average δ 34 S SO4 value of the geothermal water lies in the range of δ 34 S SO4 values produced by the oxidation of sulphide. Furthermore, the secondary alteration mineral pyrite is present in many places along fracture surfaces below the depth of 120 m [25] . These findings jointly indicate that the SO 4 2− in the geothermal water is mainly derived from the oxidation of pyrite. Additionally, in the sulphate source classification diagram, the samples mainly plot in the field associated with the oxidation of reduced inorganic sulphur compounds (Figure 9 ) [62] . The points falling below the sulphate reduction field may be ascribed to oxygen isotope exchange between sulphate ion and water. Since the oxygen isotope values of the water are low, the oxygen isotope values in sulphate are also low because of isotopic exchange. Additionally, in the sulphate source classification diagram, the samples mainly plot in the field associated with the oxidation of reduced inorganic sulphur compounds (Figure 9 ) [62] . The points falling below the sulphate reduction field may be ascribed to oxygen isotope exchange between sulphate ion and water. Since the oxygen isotope values of the water are low, the oxygen isotope values in sulphate are also low because of isotopic exchange. 
Origin of Geothermal Gases
The compositions of the gas samples are shown in Table 2 . The volume percentage of CO2 varies greatly from 6.08% to 91.05%, with an average value of 53.62%. The volume percentage of N2 also widely ranges between 6.36% and 82.93%, with an average value of 38.51%. The CH4 concentrations range from 0.66% to 11.37%. The O2 concentrations are lower than 5%, with the exception of the concentration of sample GZ53 (5.25%). The He, Ar, and H2 concentrations are each no more than 2%. The gases are characterized by the absence of H2S, HCl, SO2, and other acidic gases. 
The compositions of the gas samples are shown in Table 2 . The volume percentage of CO 2 varies greatly from 6.08% to 91.05%, with an average value of 53.62%. The volume percentage of N 2 also widely ranges between 6.36% and 82.93%, with an average value of 38.51%. The CH 4 concentrations range from 0.66% to 11.37%. The O 2 concentrations are lower than 5%, with the exception of the concentration of sample GZ53 (5.25%). The He, Ar, and H 2 concentrations are each no more than 2%. The gases are characterized by the absence of H 2 S, HCl, SO 2 , and other acidic gases. 
Helium Isotope
Noble gases can be used as a basic indication of gas origins due to their chemically inert nature. Helium is an excellent tracer for demonstrating the influence of crustal and mantle volatiles [63] [64] [65] . 3 He is derived from the mantle, and 4 He is mainly produced by the radioactive decay of U and Th in the crust [66, 67] . Therefore, the ratio of 3 He/ 4 He can be used to study the material source contribution ratio of the crust and the mantle in geothermal systems. The 3 He/ 4 He ratio is usually expressed by R, and the 3 He/ 4 He ratio in the atmosphere is usually expressed by Ra. The value of Ra, i.e., 1.384 × 10 −6 , is basically constant [63] . The R/Ra ratio in the mantle (represented by mid-ocean ridge basalt, MORB) is approximately 8 [63, 68] . However, the R/Ra ratio in the crust rarely exceeds 0.02 [69] . Gas isotope geochemical analyses also use the 4 He/ 20 Ne ratio to determine the influence of the atmosphere on samples. The 4 He/ 20 Ne isotope ratio in the atmosphere is approximately 0.318 [70] . The air pollution of most gas samples is less than 1%, and for individual samples, it is less than 10% ( Figure 10 ). The 4 He/ 20 Ne isotope ratios of the crust and the mantle are both approximately 1000 [63] . The plot of the R/Ra ratio versus the 4 He/ 20 Ne ratio can be used to identify the gas origin ( Figure 10) . Samples from the Ganzi geothermal fluid yield 3 He/ 4 He ratios of 0.17−0.39 Ra, indicating that no more than 5% of the He is derived from a mantle source. The contribution of mantle material to the gas in this system is very weak. Thus, the He mainly comes from atmospheric and crustal sources.
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Noble gases can be used as a basic indication of gas origins due to their chemically inert nature. Helium is an excellent tracer for demonstrating the influence of crustal and mantle volatiles [63] [64] [65] . 3 He is derived from the mantle, and 4 He is mainly produced by the radioactive decay of U and Th in the crust [66, 67] . Therefore, the ratio of 3 He/ 4 He can be used to study the material source contribution ratio of the crust and the mantle in geothermal systems. The 3 He/ 4 He ratio is usually expressed by R, and the 3 He/ 4 He ratio in the atmosphere is usually expressed by Ra. The value of Ra, i.e., 1.384 × 10 −6 , is basically constant [63] . The R/Ra ratio in the mantle (represented by mid-ocean ridge basalt, MORB) is approximately 8 [63, 68] . However, the R/Ra ratio in the crust rarely exceeds 0.02 [69] . Gas isotope geochemical analyses also use the 4 He/ 20 Ne ratio to determine the influence of the atmosphere on samples. The 4 He/ 20 Ne isotope ratio in the atmosphere is approximately 0.318 [70] . The air pollution of most gas samples is less than 1%, and for individual samples, it is less than 10% (Figure 10) . The 4 He/ 20 Ne isotope ratios of the crust and the mantle are both approximately 1000 [63] . The plot of the R/Ra ratio versus the 4 He/ 20 Ne ratio can be used to identify the gas origin ( Figure 10) . Samples from the Ganzi geothermal fluid yield 3 He/ 4 He ratios of 0.17−0.39 Ra, indicating that no more than 5% of the He is derived from a mantle source. The contribution of mantle material to the gas in this system is very weak. Thus, the He mainly comes from atmospheric and crustal sources. 
Carbon Isotopes
The study of the carbon isotopic composition of geothermal gases is of great significance for determining the origin of CO2 and understanding the genesis of the geothermal system [71] . There are three main sources of CO2: marine limestone, sedimentary organic carbon and mantle components [72] . These carbon end members have different δ 13 CCO2 isotopic compositions. The δ 13 CCO2 value of marine limestone is close to 0‰, that of sedimentary organic carbon is low, i.e., less than −20‰, and that of gas derived from the upper mantle is −6.5 ± 2.5‰ [73, 74] . As shown in Figure  11 , the carbon isotopic composition of CO2 and the CO2/ 3 He ratio can jointly indicate the source of CO2 [74] . The contribution percentage of marine limestone to the CO2 in the geothermal gas is 74-86%, with an average value of 80%, and the contributions of sedimentary organic and mantle sources are markedly lower. Therefore, CO2 is mainly derived from the high-temperature metamorphism of marine carbonate rock. The contribution ratio of each end member is shown in Table 2 . The study 
The study of the carbon isotopic composition of geothermal gases is of great significance for determining the origin of CO 2 and understanding the genesis of the geothermal system [71] . There are three main sources of CO 2 : marine limestone, sedimentary organic carbon and mantle components [72] . These carbon end members have different δ 13 C CO2 isotopic compositions. The δ 13 C CO2 value of marine limestone is close to 0% , that of sedimentary organic carbon is low, i.e., less than −20% , and that of gas derived from the upper mantle is −6.5 ± 2.5% [73, 74] . As shown in Figure 11 , the carbon isotopic composition of CO 2 and the CO 2 / 3 He ratio can jointly indicate the source of CO 2 [74] . The contribution percentage of marine limestone to the CO 2 in the geothermal gas is 74-86%, with an average value of 80%, and the contributions of sedimentary organic and mantle sources are markedly lower. Therefore, CO 2 is mainly derived from the high-temperature metamorphism of marine carbonate rock. The contribution ratio of each end member is shown in Table 2 . The study area features Carboniferous-Permian limestone beneath the Triassic sandstone and slate, and this limestone likely represents the source of the CO 2 [26] . 
Geothermal Reservoir Temperature
Chemical Geothermometers
Chemical geothermometers use empirical or experimental calibrations to determine the reservoir temperature based on chemical equilibrium reactions. These methods include silica geothermometers and cationic geothermal thermometers. Whether the chemical geothermometers are appropriate depends on their applicable calibration temperature, the controlled mineral balance phases, and the sensitivity to compositional changes during the ascent of the hot water to the surface [27] . Silicate minerals in reservoirs dissolve rapidly in CO2-rich waters, hence, neither quartz nor chalcedony precipitation comes up to it for kinetic reasons. Therefore, silica geothermometers are not suitable for this area.
The various assumptions should keep in mind to predict subsurface temperatures in geothermal systems. The Na-K geothermometer is controlled by the equilibrium between the geothermal water and alkali feldspars. This relationship is consistent with the equilibrium minerals in the Ganzi geothermal field. The systems involving Na-K are likely to respond most slowly to temperature changes and to maintain deep equilibration temperatures. Also, Na-K geothermometer is unaffected by mixing with cold water during ascent. Due to the water cooling by conduction or boiling, the feldspars including albite and microcline re-equilibrate in response to the decrease of temperature. Even so, the Na/K ratio is not affected by conduction or boiling because aluminium is a governing factor for the precipitation of feldspar [75] . Therefore, the Na-K geothermometer should give a reliable result in the Ganzi geothermal field. The calculation results of Na-K and Na-Li geothermometers [76] are shown in Table 3 . The Na-K geothermometer provides an average reservoir temperature value of 192 °C, which is similar to the result from the Na-Li geothermometer of 198 °C. Figure 11 . Variation in the CO 2 / 3 He ratio and δ 13 C CO2 composition of the geothermal gas. The compositional end members of organic sediments, limestone, and mantle have the following values: δ 13 C CO2 = −30% , 0% , and −6.5% , CO 2 / 3 He = 1 × 10 13 , 2 × 10 9 and 1 × 10 13 , respectively [74] .
Geothermal Reservoir Temperature
Chemical Geothermometers
Chemical geothermometers use empirical or experimental calibrations to determine the reservoir temperature based on chemical equilibrium reactions. These methods include silica geothermometers and cationic geothermal thermometers. Whether the chemical geothermometers are appropriate depends on their applicable calibration temperature, the controlled mineral balance phases, and the sensitivity to compositional changes during the ascent of the hot water to the surface [27] . Silicate minerals in reservoirs dissolve rapidly in CO 2 -rich waters, hence, neither quartz nor chalcedony precipitation comes up to it for kinetic reasons. Therefore, silica geothermometers are not suitable for this area.
The various assumptions should keep in mind to predict subsurface temperatures in geothermal systems. The Na-K geothermometer is controlled by the equilibrium between the geothermal water and alkali feldspars. This relationship is consistent with the equilibrium minerals in the Ganzi geothermal field. The systems involving Na-K are likely to respond most slowly to temperature changes and to maintain deep equilibration temperatures. Also, Na-K geothermometer is unaffected by mixing with cold water during ascent. Due to the water cooling by conduction or boiling, the feldspars including albite and microcline re-equilibrate in response to the decrease of temperature. Even so, the Na/K ratio is not affected by conduction or boiling because aluminium is a governing factor for the precipitation of feldspar [75] . Therefore, the Na-K geothermometer should give a reliable result in the Ganzi geothermal field. The calculation results of Na-K and Na-Li geothermometers [76] are shown in Table 3 . The Na-K geothermometer provides an average reservoir temperature value of 192 • C, which is similar to the result from the Na-Li geothermometer of 198 • C. The Na-Li geothermometer is controlled by complete equilibrium reactions of mineral assemblages, including albite, K-feldspar and clay minerals [77] . Moreover, the most widely used cation geothermometer is the Na-K-Mg triangle diagram proposed by Giggenbach (1988) [75] , as shown in Figure 12 . This method assumes that geothermal water has reached an equilibrium state in the reservoir with the mineral assemblage of albite, potassium feldspar, muscovite and chlorite in the surrounding rock. The Na-K-Mg ternary diagram can be used to classify hot waters as fully equilibrium with rocks, partially equilibrium, or immature. This indicates whether solute thermometers are suitable for geothermal water. A few water samples of Ganzi geothermal water are distributed near the fully equilibrated mineral dissolution line. In these cases, the water-rock reaction reached equilibrium, suggesting that the Na-K-Mg geothermometer is adequate for the study area. The reservoir temperature obtained from the Na-K-Mg triangle plot is approximately 200 • C. Water samples are distributed along the mixing line, indicating a tendency to mix with cold water. Given the good agreement between the results calculated by the Giggenbach diagram, Na-K and Na-Li geothermometer, the reservoir temperature of the Ganzi geothermal water can be approximately estimated to ca. 197 • C. Table 3 . Chemical geothermometry estimates of reservoir temperature.
Sample ID Na-K( • C) Giggenbach (1988) [75]
Na-Li( • C) Kharaka et al. (1982) [76]
GZ33 205  184  GZ36  168  173  GZ37  161  181  GZ39  212  183  GZ40  170  191  GZ41  202  193  GZ42  207  197  GZ43  209  200  GZ44  159  192  GZ46  151  176  GZ47  209  200  GZ48  208  197  GZ50  217  201  GZ55  213  187  GZ51  203  223  GZ53  198  222  GZ56  126  232  GZ60  221  224  GZ45 215 200 
Geothermometrical Modelling
Reed and Spycher (1984) [78] first proposed the application of a geochemical thermodynamic simulation to constrain the deep reservoir temperature of a geothermal fluid. As with the classical solute geothermometers, the main basis assumption of multi-component geothermometer is that there is a chemical equilibrium (or approximately equilibrium) between the deep geothermal fluid and some minerals in the reservoir. Compared with chemical geothermometers for geothermal water, this method has the advantage of identifying multi-mineral equilibrium and recognizing secondary processes, such as CO2 degassing, during fluid ascent [78] [79] [80] . Geothermometrical modelling progressively simulates temperatures to obtain the equilibrium temperature of the water and a set of minerals. The saturation indexes at different temperatures are calculated by the SOLVEQ-XPT code according to the chemical composition of the geothermal water. The selection of the mineral set depends on the reservoir lithology and hydrogeochemical characteristics. Therefore, the curves of mineral Log(Q/K) with increasing temperature are plotted in Figure 13 . The GZ53, GZ42, and GZ47 samples are presented as representative samples. The GZ53 sample is shown to have almost reached the equilibrium state because it is close to the equilibrium line in the Giggenbach ternary diagram. GZ42 and GZ47 samples are as representatives of partially equilibrium samples in the Na-K-Mg ternary diagram. The primary results before corrected are shown in Figure 13a ,c,e and saturation indices cannot converge to zero. CO2 degassing has a strong effect on the pH of the liquid, which influences the mineral equilibrium. Therefore, to eliminate the effect of CO2 degassing, equal amounts of HCO3 − and H + are added to geothermal water to generate additional CO2 [79] . In the GZ53 sample, the assumed equilibrium mineral phases are albite, calcite, dolomite, quartz, chalcedony, Kmontmorillonite, aragonite, and magnesite. Additionally, 0.5 mol/L CO2 was added into the fluid to simulate the saturation indices of minerals. Furthermore, in order to correct the Al concentration analysis, the approach FixAl is used to force the water in equilibrium with Al-bearing mineral. Microcline is selected as the Al-bearing mineral since it is suitable for forced equilibrium systems with pH values ranging from 5.5 to greater than 9 [79] . The minerals reach equilibrium at convergence temperatures ranging from 190 °C to 210 °C (Figure 13b ). In sample GZ42, 0.1 mol/L of CO2 is assumed to have degassed from the fluid, and the convergent temperature is approximately 180-210 °C (Figure 13d ). In sample GZ47, there is 0.05 mol/L of CO2 have degassed from water and the convergent temperature is estimated as 180-210 °C (Figure 13f ). The main difference between samples is the number of CO2 degassing and the obtained reservoir temperatures are basically the Reed and Spycher (1984) [78] first proposed the application of a geochemical thermodynamic simulation to constrain the deep reservoir temperature of a geothermal fluid. As with the classical solute geothermometers, the main basis assumption of multi-component geothermometer is that there is a chemical equilibrium (or approximately equilibrium) between the deep geothermal fluid and some minerals in the reservoir. Compared with chemical geothermometers for geothermal water, this method has the advantage of identifying multi-mineral equilibrium and recognizing secondary processes, such as CO 2 degassing, during fluid ascent [78] [79] [80] . Geothermometrical modelling progressively simulates temperatures to obtain the equilibrium temperature of the water and a set of minerals. The saturation indexes at different temperatures are calculated by the SOLVEQ-XPT code according to the chemical composition of the geothermal water. The selection of the mineral set depends on the reservoir lithology and hydrogeochemical characteristics. Therefore, the curves of mineral Log(Q/K) with increasing temperature are plotted in Figure 13 . The GZ53, GZ42, and GZ47 samples are presented as representative samples. The GZ53 sample is shown to have almost reached the equilibrium state because it is close to the equilibrium line in the Giggenbach ternary diagram. GZ42 and GZ47 samples are as representatives of partially equilibrium samples in the Na-K-Mg ternary diagram. The primary results before corrected are shown in Figure 13a ,c,e and saturation indices cannot converge to zero. CO 2 degassing has a strong effect on the pH of the liquid, which influences the mineral equilibrium. Therefore, to eliminate the effect of CO 2 degassing, equal amounts of HCO 3 − and H + are added to geothermal water to generate additional CO 2 [79] . In the GZ53 sample, the assumed equilibrium mineral phases are albite, calcite, dolomite, quartz, chalcedony, K-montmorillonite, aragonite, and magnesite. Additionally, 0.5 mol/L CO 2 was added into the fluid to simulate the saturation indices of minerals. Furthermore, in order to correct the Al concentration analysis, the approach FixAl is used to force the water in equilibrium with Al-bearing mineral. Microcline is selected as the Al-bearing mineral since it is suitable for forced equilibrium systems with pH values ranging from 5.5 to greater than 9 [79] . The minerals reach equilibrium at convergence temperatures ranging from 190 • C to 210 • C (Figure 13b ). In sample GZ42, 0.1 mol/L of CO 2 is assumed to have degassed from the fluid, and the convergent temperature is approximately 180-210 • C (Figure 13d ). In sample GZ47, there is 0.05 mol/L of CO 2 have degassed from water and the convergent temperature is estimated as 180-210 • C (Figure 13f ). The main difference between samples is the number of CO 2 degassing and the obtained reservoir temperatures are basically the same. These equilibrium temperatures are in good agreement with the reservoir temperature obtained by the Na-K-Mg ternary plot.
Water 2019, 11, 1631 18 of 26 same. These equilibrium temperatures are in good agreement with the reservoir temperature obtained by the Na-K-Mg ternary plot. 
Cl-enthalpy Mixing Model
The Cl-enthalpy plot is very useful for evaluating the detailed cooling processes experienced by geothermal fluids during the ascent process [81] . The cooling processes of geothermal water rising to 
Cl-Enthalpy Mixing Model
The Cl-enthalpy plot is very useful for evaluating the detailed cooling processes experienced by geothermal fluids during the ascent process [81] . The cooling processes of geothermal water rising to the surface mainly include adiabatic boiling, conductive cooling and mixing with cool water. The geothermal fluid may have experienced one or a combination of these processes. Cl − is a conservative element that can indicate the mixing process of geothermal fluids. The enthalpy of the hot water in the zone of mixing is less than the enthalpy of the hot water at depth owing to the escape of steam during ascent. Therefore, the appropriate reservoir temperature and Cl − concentrations of the deep geothermal fluids can be evaluated by the Cl-enthalpy mixing model [6, 82] . Several simplifying assumptions are made when applying the Cl-enthalpy mixing model. (i) Mass and heat conservation are always assumed during and after mixing. (ii) It is assumed that the chemical reactions that occur after mixing are negligible and do not alter the water composition. (iii) More importantly, the mixing model can only be applied if the sampled waters are truly mixed. This has been proved according to the linear correlations between major ions and Cl − , which show a binary mixing line between the shallow water and deep geothermal fluid. Then, a diagram of enthalpy against Cl − concentrations for water samples is presented in Figure 14 .
The enthalpy of water samples are using the enthalpy at the measured temperatures according to the saturated steam table of pure waters. The adiabatic boiling line from the hot water samples to the separated steam represents the variation in enthalpy and Cl − content of fluid caused by the process of steam separation during ascent. One of the adiabatic boiling lines that goes through the deep fluid is constructed from two points. One point has an enthalpy corresponding to saturated steam at 100 • C (2676 kJ/kg) and a chloride concentration of 0 mg/L. The other point is the GZ53 sample with the maximum Cl − content. The mixing line is the line that shows the heat and the Cl − contents of the mixture of deep water with cold water. The mixing line starts from cold water and goes through geothermal waters from boreholes to the deep fluid. The mixing line intersects with the above adiabatic boiling line at one point. This point represents the deep geothermal fluid. The enthalpy of deep fluid is 852 kJ/kg, indicating that the reservoir temperature is approximately 200 • C. The result is also consistent with the temperature deduced from the Giggenbach ternary diagram. Geothermal water from boreholes and the GZ55 hot spring are located on the mixing line. They are formed by the mixing of cold water and deep fluid in different proportions.
The emerging temperatures of geothermal water samples GZ53 and GZ51 are close to the boiling temperature for local atmospheric pressure, indicating that these geothermal fluids have undergone adiabatic cooling while ascending. The GZ53 water sample loses heat due to adiabatic boiling (separation of steam), which also leads to the increasing concentration of chloride. The deduced chloride concentration of deep fluid is 37 mg/L. Similarly, the GZ51 water sample is formed by two processes: first, it mixes with cold water and then boils along the adiabatic boiling line. For the GZ56 and GZ60 thermal springs, the emerging temperature is lower than the local boiling temperature. They cool down rapidly and have experienced the conductive cooling process. The two waters first have experienced mixing between deep fluid and cold water, then the adiabatic boiling process, and finally conductive cooling to produce the springs present at the surface. 
Geothermal Water Circulation Depth
The geothermal gradient and heat flow were measured in the Aba area north of Ganzi. The Aba and Ganzi areas both belong to the Songpan-Ganzi block of northern Tibet. The heat flow value is 94.7 mw/m 2 , which is higher than the average value of 63 mw/m 2 in the continental area of China [83, 84] . The geothermal gradient is approximately 32.69 °C/km [83] , and the estimated reservoir equilibrium temperature is approximately 180-210 °C. Therefore, the circulation depth of geothermal water can be calculated by the following formula [85] :
where D represents the circulation depth (m), T is the reservoir temperature (°C), which is 180-200 °C, T0 is the annual average temperature (°C), which is 5 °C in the study area, and G is the geothermal gradient (°C/km), which is 32.69 °C/km. The resulting geothermal water circulation depth is 5-6 km.
Heat Source
The Ganzi geothermal field is located on the Tibetan Plateau with a lithosphere thickness of more than 60 kilometres. Therefore, the amount of mantle heat able to reach the surface by heat diffusion and fluid convection is limited. The 3 He/ 4 He ratios are 0.17-0.39 Ra, indicating that no more than 5% of the helium is derived from a mantle source. This situation is very different from the Rehai geothermal system with a 3 He/ 4 He ratio of 1.17-4.05 Ra [86] , which has been demonstrated to be associated with a mantle-derived magmatic heat source. Therefore, in the Ganzi geothermal field, it seems unlikely the existence of an underlying mantle-derived magma chamber acting as a heat source. The water types of the parent geothermal fluids of the Yangbajing and Gulu geothermal fields are Cl-Na type, with Cl − concentrations as high as 767 mg/L and 845 mg/L, respectively [13] . The high Cl − concentrations can come from magma degassing. However, based on the Cl-enthalpy diagram, in the Ganzi geothermal system, the Cl − concentration of the deep fluid is 37 mg/L, and the enthalpy is 852 kJ/kg (reservoir temperature of 200 °C). This much lower Cl − concentration also indicates that the fluid composition is not directly correlated to a magma degassing. Therefore, the preliminary analysis indicates that there is neither a mantle nor a crustal melt layer below Ganzi as a heat source. This situation is very similar to the Batang high-temperature geothermal field, which has no magmatic heat source [14, 15] . 
Geothermal Water Circulation Depth
The geothermal gradient and heat flow were measured in the Aba area north of Ganzi. The Aba and Ganzi areas both belong to the Songpan-Ganzi block of northern Tibet. The heat flow value is 94.7 mw/m 2 , which is higher than the average value of 63 mw/m 2 in the continental area of China [83, 84] . The geothermal gradient is approximately 32.69 • C/km [83] , and the estimated reservoir equilibrium temperature is approximately 180-210 • C. Therefore, the circulation depth of geothermal water can be calculated by the following formula [85] :
where D represents the circulation depth (m), T is the reservoir temperature ( • C), which is 180-200 • C, T 0 is the annual average temperature ( • C), which is 5 • C in the study area, and G is the geothermal gradient ( • C/km), which is 32.69 • C/km. The resulting geothermal water circulation depth is 5-6 km.
Heat Source
The Ganzi geothermal field is located on the Tibetan Plateau with a lithosphere thickness of more than 60 kilometres. Therefore, the amount of mantle heat able to reach the surface by heat diffusion and fluid convection is limited. The 3 He/ 4 He ratios are 0.17-0.39 Ra, indicating that no more than 5% of the helium is derived from a mantle source. This situation is very different from the Rehai geothermal system with a 3 He/ 4 He ratio of 1.17-4.05 Ra [86] , which has been demonstrated to be associated with a mantle-derived magmatic heat source. Therefore, in the Ganzi geothermal field, it seems unlikely the existence of an underlying mantle-derived magma chamber acting as a heat source. The water types of the parent geothermal fluids of the Yangbajing and Gulu geothermal fields are Cl-Na type, with Cl − concentrations as high as 767 mg/L and 845 mg/L, respectively [13] . The high Cl − concentrations can come from magma degassing. However, based on the Cl-enthalpy diagram, in the Ganzi geothermal system, the Cl − concentration of the deep fluid is 37 mg/L, and the enthalpy is 852 kJ/kg (reservoir temperature of 200 • C). This much lower Cl − concentration also indicates that the fluid composition is not directly correlated to a magma degassing. Therefore, the preliminary analysis indicates that there is neither a mantle nor a crustal melt layer below Ganzi as a heat source. This situation is very similar to the Batang high-temperature geothermal field, which has no magmatic heat source [14, 15] .
Conceptual Genetic Model
According to the geological setting and hydrochemical and isotopic data, a conceptual genetic model of the geothermal fluid of the Ganzi area is proposed in the schematic diagram of Figure 15 . The geothermal water is recharged by snow melt water from surrounding high mountains. The recharge elevation is estimated to be 4233 m or 3794 m based on different altitude-dependent isotopic gradients. High mountains surround the study area, and Zhuonashan peak (5200 m) to the south features the highest elevations. The infiltrated water flows through the Tertiary silicate reservoir and combines with CO 2 derived from deep marine metamorphic carbonate to form the HCO 3 -Na hydrochemical type. On the basis of 86 Sr/ 87 Sr data, it is can be deduced that the waters flow through the silicate reservoir. Long-term groundwater movement at depth results in the absorption of heat from the surrounding hot rock, producing a deep fluid with high temperatures of approximately 180-210 • C. The estimated circulation depth is approximately 5-6 km. Along the pathway of the groundwater flow, sulphate is formed due to oxidation of sulphides in the shallow rocks. Quaternary deposits comprising fluvial alluvium and glacial deposits serve as cap rocks for the geothermal system. The geothermal fluid rises to the surface through deep faults and fractures, which can be regarded as hydrothermal channels. The hot springs and geothermal wells are located along a NW-oriented fault. During the ascent of the waters, the hot water experiences mixing with cool water, adiabatic boiling, and conductive heating and emerges through the subsidiary fractures near the surface. These processes induce chemical composition re-equilibration and changes in the temperature, resulting in the geothermal fluid that emerges at the surface. 
According to the geological setting and hydrochemical and isotopic data, a conceptual genetic model of the geothermal fluid of the Ganzi area is proposed in the schematic diagram of Figure 15 . The geothermal water is recharged by snow melt water from surrounding high mountains. The recharge elevation is estimated to be 4233 m or 3794 m based on different altitude-dependent isotopic gradients. High mountains surround the study area, and Zhuonashan peak (5200 m) to the south features the highest elevations. The infiltrated water flows through the Tertiary silicate reservoir and combines with CO2 derived from deep marine metamorphic carbonate to form the HCO3-Na hydrochemical type. On the basis of 86 Sr/ 87 Sr data, it is can be deduced that the waters flow through the silicate reservoir. Long-term groundwater movement at depth results in the absorption of heat from the surrounding hot rock, producing a deep fluid with high temperatures of approximately 180-210 °C. The estimated circulation depth is approximately 5-6 km. Along the pathway of the groundwater flow, sulphate is formed due to oxidation of sulphides in the shallow rocks. Quaternary deposits comprising fluvial alluvium and glacial deposits serve as cap rocks for the geothermal system. The geothermal fluid rises to the surface through deep faults and fractures, which can be regarded as hydrothermal channels. The hot springs and geothermal wells are located along a NWoriented fault. During the ascent of the waters, the hot water experiences mixing with cool water, adiabatic boiling, and conductive heating and emerges through the subsidiary fractures near the surface. These processes induce chemical composition re-equilibration and changes in the temperature, resulting in the geothermal fluid that emerges at the surface. 
